
306  |  Nature  |  Vol 616  |  13 April 2023

Article

Earth shaped by primordial H2 atmospheres

Edward D. Young1 ✉, Anat Shahar2 & Hilke E. Schlichting1

Earth’s water, intrinsic oxidation state and metal core density are fundamental 
chemical features of our planet. Studies of exoplanets provide a useful context for 
elucidating the source of these chemical traits. Planet formation and evolution 
models demonstrate that rocky exoplanets commonly formed with hydrogen-rich 
envelopes that were lost over time1. These findings suggest that Earth may also have 
formed from bodies with hydrogen-rich primary atmospheres. Here we use a self- 
consistent thermodynamic model to show that Earth’s water, core density and overall 
oxidation state can all be sourced to equilibrium between hydrogen-rich primary 
atmospheres and underlying magma oceans in its progenitor planetary embryos. 
Water is produced from dry starting materials resembling enstatite chondrites as 
oxygen from magma oceans reacts with hydrogen. Hydrogen derived from the 
atmosphere enters the magma ocean and eventually the metal core at equilibrium, 
causing metal density deficits matching that of Earth. Oxidation of the silicate rocks 
from solar-like to Earth-like oxygen fugacities also ensues as silicon, along with 
hydrogen and oxygen, alloys with iron in the cores. Reaction with hydrogen 
atmospheres and metal–silicate equilibrium thus provides a simple explanation for 
fundamental features of Earth’s geochemistry that is consistent with rocky planet 
formation across the Galaxy.

Models for the accretion of the Earth date back decades2. Modern  
versions often focus on matching Earth’s chemical features by ascribing 
different chemical characteristics to possible planetary embryos and 
planetesimals in N-body simulations of the accretion process. To match 
Earth’s chemistry, gradients in parameters such as water availability 
and oxygen fugacity across the protoplanetary disk are invoked along 
with prescriptions for partial equilibration during discrete collision 
events3. These models by necessity involve a large number of adjustable 
parameters, thus permitting reasonable fits. The models are logically 
sound, but their veracity is less clear. Here we present an alternative 
approach that accounts for recent insights gained from rocky exoplanet 
formation and the important role of primary atmospheres, and use this 
to re-examine Earth’s formation.

Two properties of the inner Solar System would seem to have worked 
against the formation of a water-rich, oxidized (relative to a solar gas) 
planet like the Earth: (1) the material in the vicinity of 1 au from our star 
was probably dry4, and (2) this material was relatively reduced (that 
is, not oxidized)5. These conclusions are based on the emerging view 
that the best samplings of inner Solar System rocks, apart from Earth 
itself, are enstatite chondrites (E chondrites) and their igneous equiva-
lents (aubrites)6. E chondrites closely resemble the Earth in at least 15 
isotopic systems7 and, unlike other meteorite groups, have sufficient 
metal to explain the mass fraction of Earth’s core8. Furthermore, the 
inner Solar System is bound, spatially, by E-chondrite-like material. 
The inner edge is demarcated by Mercury, which is compositionally 
similar to E chondrites and aubrites9. The outer edge is marked by 
the inner-most asteroid belt, where E-type asteroids are most abun-
dant; E-type and some M-type asteroids are likely sources for E-clan  
meteorites10,11. This further suggests that the inner Solar System was 

mainly, although not entirely12, dry and reducing much like E-clan mete-
orites. Enstatite chondrites themselves may represent olivine-poor 
vestiges of Earth’s building blocks6.

Recent exoplanet observations have revealed that the most com-
mon planets in our Galaxy discovered so far are larger than Earth and 
smaller than Neptune13, and comprise two distinct groups. One group 
is composed of rocky planets with hydrogen (H2)-rich envelopes that 
make up a few per cent of their total mass, the so-called sub-Neptunes. 
The other includes rocky planets absent in H2-rich atmospheres, the 
so-called super-Earths14. These two populations are divided by a ‘radius 
valley’ in planet size near 1.5 R⊕ to 2.0 R⊕ (ref. 15). Planet formation and 
evolution models to explain the radius valley have demonstrated that 
the rocky super-Earths we observe today probably formed with H2-rich 
envelopes that were lost over time16 (in about 108 yr to 109 yr) by either 
photo-evaporation and/or core-powered mass loss, suggesting that the 
super-Earths and sub-Neptunes originally formed as one population 
with H2 atmospheres17,18. Through the studies of these exoplanets, we 
have gained a greater appreciation for the ubiquity of H2-rich atmos-
pheres accreted from protoplanetary disks during the first several 
million years of planetary growth19. Our calculations illustrate how this 
process may have shaped Earth’s chemistry and that Earth’s formation 
can be successfully placed into the context of rocky exoplanet forma-
tion within our Galaxy.

Although decay of the short-lived radionuclide 26Al dominated the 
thermal structure of small planetesimals formed early in the Solar 
System, the thermal histories of more massive bodies (greater than 
about 0.05 M⊕) were controlled by the conversion of gravitational 
potential energy into heat during accretion. As a result, planetary 
embryos in the early Solar System were initially molten. Upon cooling 
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to below the threshold surface temperature for thermal escape of gas 
molecules, the embryos are expected to have accreted gas from the 
surrounding protoplanetary disk, thus acquiring H2-rich primary 
atmospheres. Once an optically thick envelope has been accreted, 
subsequent cooling of the embryo–atmosphere system occurs through 
the top of the atmosphere at the radiative–convective boundary19. The 
cooling is slowed relative to radiation from the surface of the magma 
ocean by the factor T τ T( / )/e

4
s
4, where Te is the equilibrium temperature, 

τ is the Rosseland mean optical depth at the radiative–convective 
boundary and Ts is the surface temperature of the magma ocean19. For 
the relevant optical depths at the radiative–convective boundary of 
atmospheres considered here (for example, τ ≈ 100) and equilibrium 
temperatures similar to Earth’s, cooling is slower by a factor of about 
106 relative to the no-atmosphere case, resulting in magma oceans 
below the atmospheres that persist for tens of millions of years.

If material and chemical exchange is efficient, chemical equilibrium 
between the magma oceans and the atmospheres will occur20. Convec-
tive velocities in the magma ocean are the limiting factor for the rate 
of exchange. Scaling laws based on experiments indicate that convec-
tion in magma oceans the size of the embryos leads to linear velocities 
of the order of 1 m s−1 for surface temperatures above the solidus21,22. 
The effect of the optically thick atmosphere is to decrease the radiative 
flux and thus slow the convective velocity by the factor 

T τ T(( / )/ ) ≈ 100e
4

s
4 1/3 . The resulting convective turnover times of the 

order of 104 years are still more than sufficient to allow equilibrium 

between the magma oceans and the overlying atmospheres over the 
approximately 107-year cooling timescales of the magma ocean– 
atmosphere system.

Ingress of protoplanetary disk gas (solar gas) into Earth’s building 
blocks is evidenced by noble gas isotope ratios from mantle rocks23–27. 
Conversely, it appears that Mars has no vestiges of solar gas in its inte-
rior28,29. As gas is soluble in molten rock but not solid rock, the lack of 
solar gas in the interior of Mars is to be expected. Isotopic constraints 
as well as the similarity of its mass to the so-called isolation mass 
for a minimum-mass solar nebula suggest that Mars is a planetary 
embryo that grew within about 2 Myr to 4 Myr and probably had a 
magma ocean30. However, Mars was insufficiently massive to retain 
an H2-rich atmosphere at surface temperatures consistent with molten 
rock, thus precluding exchange between the atmosphere and the inte-
rior (Methods). Comparing the gravitational binding energy to the 
thermal energy of H2 gas molecules implies that a body the mass of Mars, 
0.1 M⊕, can only accrete a primary H2-dominated atmosphere from the 
disk after its surface cooled to ≤700 K, well below the solidus for rock 
(Extended Data Fig. 1)19. Therefore, one would expect that a magma 
ocean would not have been exposed to the primary atmosphere in the 
case of Mars, consistent with isotopic constraints.

Not all planetary embryos that grew in the presence of the proto-
planetary disk need have been the mass of Mars, however. Surface 
densities greater than that of the minimum-mass solar nebula, radial 
drift of disk material31, radial migration of embryos themselves and/or  
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Fig. 1 | Summary of thermodynamic calculations. The calculations show  
that Earth’s core density deficit, mass fraction of water and oxygen fugacity  
can be explained in a self-consistent way with a global equilibrium model that 
includes an H2-rich primary atmosphere, a silicate magma ocean and a metal 
core. The results are shown for 0.5-M⊕ embryos as a function of metal–silicate 
equilibration temperature (Tcore–mantle) and the initial mass fraction of primary 
H2-rich atmospheres. In each panel, parameters for embryos that would fit the 
Earth at Tcore–mantle = 3,000 K (see text) are shown by a circle with a cross symbol. 
The target values for Earth are shown in the white regions in the contour plots. 
a, Density deficits in metal cores with a target value of about 8% by weight (see 
text). b, H2O mass fraction for the embryos where Tcore–mantle = 3,000 K showing 

that the model satisfying Earth’s core density deficit (a) results in one terrestrial 
ocean worth of H2O (circle with a cross). Here the pressures at the base of the 
atmosphere after equilibration are shown on the upper abscissa, with the best 
fit for Earth’s antecedent embryos corresponding to pressures at the surface  
of the magma ocean of about 0.014 GPa (140 bar). c, The intrinsic O2 fugacities 
( fO2

) relative to the iron-wüstite reference, illustrating that the same model  
that matches Earth’s core density yields Earth’s intrinsic fO2

 of about ΔIW − 2.1. 
d, The weight per cent of O in metal as predicted by this model. The arrow in  
a points to the direction of models that satisfy Earth’s core density deficit but 
where H is scarce or absent. This same trajectory is illustrated in b–d.
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rapid growth facilitated by pebble accretion32 would have resulted in 
growth of embryos to several tenths of Earth masses. These bodies 
would have retained substantial primary atmospheres of H2 with surface 
temperatures above 2,000 K, well above the solidus19. The threshold 
mass for accretion of a H2-rich atmosphere with surface temperatures 
above the silicate solidus of about 1,500 K is about 0.2 M⊕. As discussed 
above, once an embryo has accreted an optically thick H2 envelope, 
these temperatures can persist for as long as an optically thick atmos-
phere is present.

We explored the consequences of chemical exchange between H2 
atmospheres and magma oceans for the chemical evolution of plan-
etary embryos that formed the Earth. The model is composed of 25 
phase components, including enstatite (MgSiO3), magnesium oxide 
(MgO), silicon dioxide (SiO2), ferrosilite (FeSiO3), iron oxide (FeO), 
sodium metasilicate (Na2SiO3), sodium oxide (Na2O), H2, water (H2O), 
carbon monoxide (CO) and carbon dioxide (CO2) species in silicate 
melts, iron (Fe), silicon (Si), oxygen (O) and H in metal melts, and H2, 
CO, CO2, methane (CH4), O2, H2O, Fe, magnesium (Mg), sodium (Na) and 
silicon monoxide (SiO) in the atmospheres. This system spans a reaction 
space of 18 linearly independent reactions that account for specia-
tion in the magma ocean, exchange between the atmosphere and the 
magma ocean, and exchange between silicate and metal in the magma 
ocean. For each of the 18 independent reactions, we solved the condi-
tions for thermodynamic equilibrium together with the mass-balance 
constraints for the atmosphere, silicate melt and metal melt, as well as 
the pressure at the base of the atmosphere as prescribed by the mean 
molecular weight of the atmosphere and gravitational acceleration 
(Methods). Solutions were obtained by a combination of simulated 
annealing and Markov chain Monte Carlo (MCMC) sampling (Methods), 
as described previously by ref. 20. This chemical system is meant to be 
simple enough to interpret but sufficiently complex to account for the 
salient features of atmosphere–magma ocean exchange.

Although we assumed ideal mixing for the atmosphere and silicate 
melt (Methods), precise concentrations of light elements in the metal 
are a focus of our study, so in this case we used the non-ideal mixing 
model for the alloying species O, Si and Fe given by ref. 33. The thermo-
dynamic mixing behaviour of H in Fe metal is not as well characterized. 
However, ideal mixing as a first approximation is suggested by the small 
size of H atoms forming interstitial alloys with Fe. Recent results34 show-
ing that H bonds mainly with Fe in metal with no preference for bonding 
with O lend support for this approximation. The effects of non-ideal 
mixing of H in the metal alloy are described in Methods.

We used a fiducial embryo mass of 0.5 M⊕ for illustration, although 
our results are not critically dependent on the precise masses of the 
embryos as long as they exceed about 0.2 M⊕. The initial composition of 
the body is composed of an Fe metal fraction of 34.4%, resulting in a final 
metal alloy mass fraction of 32.5% in our models, consistent with Earth’s 
core fraction. The initial silicate is consistent with estimates for the bulk 
silicate Earth projected into the model composition space composed 
of Mg, Si, Fe, Na and O (that is, excluding calcium (Ca) and aluminium 
(Al)). We assumed the initial concentration of total oxidized Fe, where 
all Fe in the silicate is cast as FeO for reporting purposes, to be 0.07 wt% 
to simulate the reduced nature of the inner Solar System as evidenced 
by E chondrites and Mercury (ΔIW ≈ −5 compared with ΔIW ≈ −2 for 
Earth where IW refers to the iron-wüstite oxygen buffer; see below).

We performed calculations over a range of metal–silicate equili-
bration temperatures and corresponding potential temperatures at 
the top of the magma ocean (Fig. 1). A metal–silicate equilibration 
temperature of 3,000 K was adopted as our fiducial model as this is the 
temperature indicated by element partitioning between Earth’s silicate 
and metal at pressures of about 40 GPa for single-stage and multi-stage 
equilibration models involving progressively increasing oxygen fugaci-
ties35. This allows for either inheritance of metal–silicate elemental 
partitioning from Earth’s progenitor planetary embryos or subsequent 
re-equilibration following, for example, the giant impact that formed 

the Moon, as suggested by the hafnium–tungsten isotopic system35. 
On the basis of a Vinet equation of state (EOS) for the molten metal 
core20,36–38 and a third-order Birch–Murnaghan EOS for the silicate36, the 
pressure at the core–mantle boundary of a fully differentiated 0.5 M⊕ 
body with Earth-like fractions of metal is about 60 GPa (Methods), 
suggesting the possibility of equilibration at depths shallower than 
the core–mantle boundary in these models (as in the case of Earth 
itself). Embryo masses of 0.3 M⊕ result in a core–mantle boundary 
pressure of 40 GPa. For our fiducial case, the potential temperature 
of the magma ocean of 2,350 K is used for the surface of the magma 
ocean, reflecting the thermal insulating effect of the dense, optically 
thick H2 atmospheres. The initial pressure of the primary atmosphere 
in our favoured solution is 0.13 GPa (1,338 bar), corresponding to a total 
H mass fraction of about 0.2%, which is within the range of predicted 
H mass fractions from atmospheric accretion models19. The potential 
temperature varies by approximately 100 K depending on whether the 
3,000 K equilibration occurs above the final core–mantle boundary at 
40 GPa or at the final core–mantle boundary at 60 GPa. Our results are 
not sensitive to this uncertainty in pressure.

The results show that the overall effect of reaction between magma 
oceans and H2-rich primary atmospheres is transfer of large masses of 
H2 to the metal phase, oxidation of the atmosphere and production of 
significant quantities of H2O (Fig. 1). The production of H2O by reactions 
between H2 atmospheres and the underlying planet has been pointed 
out previously39,40. Here we find that the conditions for production of 
H2O by the coupled equilibria are accompanied by incorporation of H 
into the metal phase. Light elements in the metal cores and total H2O 
are positively correlated, illustrating that H2O is a by-product of the 
redox reactions that drive H into the metal. H2O is also a product of 
oxidation of the atmosphere by evaporation of oxides comprising the 
silicate melt20. H2O produced in the interiors of the embryos and in the 
atmosphere partitions according to the solubility of H2O in the magma 
ocean. Partitioning between melt and atmosphere is sensitive to the 
activity–composition relationship for H2O in the melt (for example, 
dissolution of H2O as OH shifts more water to the melt in Fig. 1b).

Both Si and O are also incorporated into metal as the embryos equili-
brate in these calculations, contributing to the density deficits in the 
metal relative to pure Fe. Earth is known to have a density deficit relative 
to pure Fe (+nickel (Ni)) of about 10%41. The Birch–Murnaghan EOS for 
Fe–H alloy determined by ref. 42 shows that the density deficit caused 
by H at 3,000 K and 40 GPa increases by up to 25% when compressed to 
136 GPa at temperatures >4,000 K, the conditions for Earth’s outermost 
core. Therefore, a deficit in metal density of 8% relative to pure Fe in 
the embryos as a result of reactions with H2-rich primary atmospheres 
could produce a 10% deficit in Earth’s core upon compression. An 8% 
density deficit is obtained in our fiducial model for a total H concentra-
tion of 0.2% by mass (Fig. 1a). In this case, the calculated metal cores 
are composed of 94.9% by mass Fe, 3.8% Si, 0.8% O and 0.5% H. Because 
a density deficit relative to pure Fe of 8.7% results for each weight per 
cent of H in Fe alloys, whereas the values for O and Si are 1.2% and 0.8%, 
respectively43, three-quarters of the density deficit in the cores is attrib-
utable to H. For comparison, a 10% density deficit in embryo metal is 
obtained from a body composed of 0.3% by mass H (Fig. 1a). At this 
total H content, the calculated metal cores are composed of 94.6% by 
mass Fe, 3.8% Si, 0.9% O and 0.7% H.

The H mass fraction of about 0.2% that corresponds to an embryo 
metal density deficit of 8% also produces a mass fraction of H2O cor-
responding to approximately one terrestrial ocean (Fig. 1b). For a total 
H mass fraction of 0.3%, corresponding to a 10% density deficit in the 
embryo cores, the fractional amount of H2O produced is about 2 to 3 
ocean equivalents. These results are similar to that of an earlier study 
on production of H2O by oxidation of atmospheric H2 (ref. 39). Even if 
the rocks in the inner Solar System were entirely dry, reactions between 
H2 atmospheres and magma oceans would generate copious amounts 
of H2O. Other sources of H2O are possible, but not required.
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Earth’s intrinsic oxidation state as recorded by the amount of FeO in 
the bulk silicate Earth derived from our calculations is consistent with 
the observed value. This is a measure of self-consistency between the 
oxidation state of the planet and the composition of the metal core 
afforded by this model. The oxidation state of silicates in planetary 
bodies is usually reported in terms of oxygen fugacity, or the non-ideal 
partial pressure of oxygen that would be defined by equilibrium with 
the silicate if O2 were exchanged between a vapour phase and the melt. 
By convention, oxygen fugacities are reported relative to the reac-
tion between pure Fe and pure FeO (wüstite) according to the reaction 
Fe + 1/2O2 = FeO as ΔIW = 2log(xFeO/xFe), where xFeO is the mole fraction 
of FeO (as total Fe) in the silicate and xFe is the mole fraction of Fe in 
metal, assuming ideal mixing (again, by convention). On this scale,  
E chondrites and aubrites have ΔIW values of about −4.5 to −6.5, simi-
lar to an H2-rich solar gas, and Earth has a value of about −2.2 (ref. 44; 
Fig. 2). We used an E chondrite value of −5.8 as our initial condition. 
Equilibration of the system yields an Earth-like ΔIW of about −2.1 as a 
result of oxidation of Fe displaced from the core by Si, a process that 
can be written as Si4+ + 2Fe0 = Si0 + 2Fe2+, which has been suggested 
previously as a mechanism for oxidizing the mantle3,45. Although this 
process can occur in the absence of H, our calculations show that the 
Earth’s intrinsic oxidation state is consistent with its core density that 
is in turn attributable to equilibration with an H2 atmosphere. This 
need not have been the case.

The two adjustable parameters in our calculations, core–mantle 
temperature of equilibration and the initial mass fraction of H2, are 
degenerate with respect to the density of the core. However, to fit  
the core density with higher temperatures and substantially less H, 
the density deficit must come from more and more Si and O in the core 

(arrow in Fig. 1a). More Si (>6 wt%; Extended Data Fig. 2) in the core 
results in a higher intrinsic oxygen fugacity by several tenths of log units 
(arrow in Fig. 1c), reaching values greater than estimates for the Earth. 
In addition, little to no H2O is formed in the absence of a significant 
primary H2 atmosphere (arrows in Fig. 1b), requiring in this case that 
Earth’s H2O must be entirely exogenous.

Our prediction that the primary light element in Earth’s core that 
is responsible for the density deficit relative to pure Fe and Ni is H has 
implications for the seismic velocities (VP) in the outer core. The outer 
core has a higher VP relative to pure Fe by several per cent46. Both H and 
Si increase VP in molten Fe alloys, with the small concentrations of O in 
our models having negligible effects. The largest effect is expected for 
H (refs. 47,48). A previous study48 showed that for Fe–H alloys similar in 
composition to those in our models, Vp increases by about 1.8% relative 
to pure Fe–Ni alloys, and yields values for VP consistent with the value 
for the outermost core49. The outer-core densities and seismic velocities 
implied by our model core composition are within about 2% of measured 
values based on the published EOSs33,42, which we consider a reasonable 
fit given differences between models based on different EOSs.

Figure 3 summarizes our proposed model for the evolution of Earth’s 
progenitor embryos with masses on the order of a few tenths of M⊕. 
Our fiducial calculation should be regarded as a surrogate for the 
average of what may be several embryos that eventually combined 
to form Earth. Equilibration between metal and silicate in planetary 
embryos provides a natural explanation for the relatively low pressures 
of about 40 GPa attending element partitioning for Earth compared 
with Earth’s core–mantle boundary pressure of 136 GPa as this lower 
pressure corresponds to those near the core–mantle boundaries of 
embryos. The precise masses of Earth’s progenitor embryos are not  
crucial to our conclusions. For example, our modelling results are virtu-
ally identical using the smaller embryo mass of 0.3 M⊕ where 3,000 K 
and 40 GPa represent the core–mantle boundary. In this case, the poten-
tial temperature is 2,535 K, but nonetheless the core composition, H2O 
fractions, oxygen fugacity and other model results are unchanged 
(Supplementary Information).

If this is the explanation for the low pressures of equilibration, 
core–mantle partitioning was inherited from the embryos from which 
Earth was built, and many of these chemical signatures survived subse-
quent collisions among embryos, including the Moon-forming giant 
impact. The alternative is that melting during giant impacts reset 
core–mantle equilibrium at similar conditions35. Collisions between 
embryos after the protoplanetary gas disk has dissipated would effi-
ciently remove any residual H2-dominated atmospheres. However, 
the H2O-rich atmospheres left behind by equilibrium between the H2 
primary atmospheres and magma oceans will be largely retained50. As 
a result, most of the water produced in the embryo stage will remain 
once the disk dissipates51. To test the effects of colliding two embryos 
with residual H2O atmospheres to produce Earth, we applied our model 
to an initial condition of a 1-M⊕ body with mantle, core and H2O-rich 
atmosphere compositions corresponding to our final embryo equi-
librium state. The results verify that the chemical signature of H2 on 
embryos survives subsequent impact-generated re-equilibration at 
similar temperatures.

In the context of our model for Earth formation involving a primary 
atmosphere of H2, both Mars and Mercury are planetary embryos that 
never reached sufficient mass to allow primary atmospheres of H2 at 
magma ocean surface temperatures. The identities of the light ele-
ments in the core of Mars are not known with certainty, but are generally 
believed to be dominated by sulfur (S)52. The effect of S on the density 
deficit of metal alloys is similar to that of Si, and tens of per cent by 
mass of S are required to account for the density of the core. Also in 
the context of this model, the relatively high intrinsic oxidation state 
of Mars (high FeO in silicate, but see also ref. 52) may be attributable to 
a large fraction of its mass being derived from beyond 2 au where the 
more oxidized and H2O-rich carbonaceous chondrites could serve as 
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Fig. 2 | Comparison of oxygen fugacities in the Solar System. The model for 
equilibration between magma oceans and H2-rich atmospheres (vertical black 
line) results in an increase in oxygen fugacity from values similar to Mercury 
and E chondrites, representing the inner Solar System, to the value for Earth. 
This figure compares the model oxygen fugacity for embryos matching Earth 
with values from the Solar System, including those for a solar gas, E chondrites, 
carbonaceous chondrites, Mercury, Earth and Mars. All values are intrinsic 
oxygen fugacities based on bulk silicate FeO concentrations44 and are reported 
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 relative to the iron-wüstite buffer. The value for Mercury is actually a 
range from about −4 to −6, depending on the study. The images of Mercury, 
Earth and Mars are from NASA.
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sources53. In the case of Mercury, if one assumes that the large metal 
fraction of Mercury is due to stripping of its mantle54, and that the 
original mass fraction of its metal core was similar to that of Earth 
(0.32), then the mass of the original body was between 0.09 M⊕ and 
0.13 M⊕ for a range of estimated present-day core fractions of 55% to 
75% by mass55,56. Like Mars, this is not sufficiently massive to retain a H2 
atmosphere at super-solidus temperatures. The light element in the 
Mercurian core is thought to be mainly Si, with lesser concentrations 
of S and no clear evidence for H. Therefore, the chemical distinction 
between Earth and these stranded embryos may in part be that Earth 
was built from embryos that reached sufficient mass to retain H2-rich 
atmospheres at super-solidus surface temperatures.

Our model does not include S and we do not exclude the possibility 
that the details of the model might change if S were included. Similarly, 
we do not include carbon or nitrogen as potential interstitial alloying 
elements in the core. Omission of Ni is not expected to have a significant 
effect. Although details of our conclusions may change, the essential 
point that reactions with H2-rich atmospheres are effective in produc-
ing both H2O and density deficits in metal cores remains robust, as 
does the result that the silicate mantles of progenitor embryos resem-
bling E chondrites and Mercury in having low total FeO, should have 
‘self-oxidized’ to Earth-like oxidation states given sufficient time to 
approach equilibrium45. We provide a discussion of the isotopic con-
sequences of our results in Methods.

This study makes use of what we have learned from rocky exoplanets  
about the potential importance of primary H2-rich atmospheres 
to terrestrial planet formation in general. The result is a unified, 
self-consistent explanation for a number of important features of 

Earth related by a single overarching process of oxidation and reduc-
tion (redox) chemistry triggered by reactions between H2 and magma 
oceans. Although it is possible that Earth formed in a very different way 
from the majority of rocky exoplanets, our work shows that this need 
not be the case and that we can place the formation of Earth into the 
context of rocky planet formation across the Galaxy.
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Methods

Chemical thermodynamics
The linearly independent reactions spanning our reaction space, and 
strategies for solving the coupled thermodynamic and mass-balance 
equations, have been described previously in ref. 20 and are described 
here briefly. The reactions comprising our model include speciation 
reactions in the magma ocean:

Na SiO Na O + SiO , (1)2 3 2 2⇌

⇌1/2SiO + Fe FeO + 1/2Si , (2)2 metal metal

MgSiO MgO + SiO , (3)3 2⇌

O + 1/2Si 1/2SiO , (4)metal metal 2⇌

2H H , (5)metal 2,silicate⇌

FeSiO FeO + SiO , (6)3 2⇌

2H O + Si SiO + 2H , (7)2 silicate metal 2 2,silicate⇌

reactions that take place in the atmosphere:

⇌CO + 1/2O CO , (8)gas 2,gas 2,gas

⇌CH + 1/2O 2H + CO, (9)4,gas 2,gas 2

H + 1/2O H O , (10)2,gas 2,gas 2 gas⇌

and reactions that describe exchange between the atmosphere and 
the magma ocean:

FeO Fe + 1/2O , (11)gas 2,gas⇌

MgO Mg +1/2O , (12)gas 2,gas⇌

SiO SiO + 1/2O , (13)2 gas 2,gas⇌

⇌Na O 2Na + 1/2O , (14)2 gas 2,gas

⇌H H , (15)2,gas 2,silicate

H O H O (16)2 gas 2 ,silicate⇌

CO CO , (17)gas silicate⇌

⇌CO CO . (18)2,gas 2,silicate

For each of the 18 reactions (rxns) among the 25 phase components 
described above, there is an equation for the condition for equilibrium. 
These equations are of the form













∑ ∑ν x
G
RT

ν P Pln +
Δ ˆ

+ ln( / ) = 0. (19)
i

i i
g

g
rxn
o

o

Here we have used μ G RT x= Δ ˆ + ln( )i i i
o

 for the chemical potential of 
species i corrected for composition, where GΔ î

o
 is the molar Gibbs free 

energy of formation of i at a standard state of the pure species at tem-
perature and 1-bar pressure, xi is the mole fraction for species i in the 
host phase, νi is the stoichiometric coefficient for i in the reaction, T is 
the temperature and R is the gas constant. The sum over index g refers 
to gas species in the reaction and index i refers to all species, including 
the gases. We separated the compositional and pressure effects for the 
gas species, replacing partial pressure (ideal fugacity), for species g, 
by the product xg P, where P is the total gas pressure and P o is the pres-
sure at standard state (chosen as 1 bar here).

Following ref. 33, we replaced mole fractions for Si and O in equa-
tion (19) with activities ai where ai = γi xi to account for non-ideal com-
petition between O and Si in the metal phase. The activity coefficient 
for Si, γSi, is given by
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and the activity coefficient for O, γO, is obtained using
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The activity coefficient for Fe in metal using this approach is near 
unity (for example, 0.8 (ref. 57)). We assume γFe = 1 given the uncertain-
ties in mixing parameters involving H in metal. The mixing behaviour 
of H in liquid Fe metal at high pressures is not as well characterized. 
We therefore adopt ideal mixing for H in Fe metal. Recent results in 
ref. 34 suggest that H pairs mainly with Fe in metal with no preference 
for bonding with O, consistent with composition-independent, ideal  
mixing.

Ideal mixing is assumed for silicate melt species. Ideal mixing as 
applied here has been validated using the MAGMA code58,59 where spe-
ciation of simple oxides such as FeO and MgO to silicate species such 
as FeSiO3 and MgSiO3 accounts for first-order activity and composition 
effects60. Further discussion of the effects of non-ideal mixing on our 
results is presented below.

To these equations, we add an additional seven equations that 
account for the summing constraints for each of the seven elements 
making up the body:

∑ ∑n η x N− = 0, (22)s
k i

s i k i k k, , ,

where ns is the moles of element s in the planet, ηs,i,k is the number of 
moles of element s in component i of phase k, xi,k is the mole fraction of 
component i in phase k, and Nk is the moles of phase k (metal, silicate 
or atmosphere). The moles of the phases are treated as variables along 
with the mole fractions for the species, resulting in 28 variables in the 
system of equations. The mole fractions for each phase must sum to 
unity, so our new equations include

x x x x x x

x x x x x

1 − − − − − −

− − − − − = 0
(23)
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for the silicate phase,

x x x x1 − − − − = 0 (24)Fe
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for the metal phase, and
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for the atmosphere.
The atmospheric pressure at the surface of the magma ocean, Psurface 

is an additional variable that depends on the mean molecular weight 
of the atmosphere, and thus must be included in the solutions. This is 
accomplished by adding the equation
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to the system of equations to be solved, where the mass of the atmos-
phere, Matm, is obtained from the molecular weight and the moles of 
the atmosphere, Natm.

The 29 nonlinear equations in 29 variables were solved using simu-
lated annealing followed by MCMC sampling. We used the Python 
implementation of simulated annealing61 and the MIT Python imple-
mentation of ensemble MCMC62,63. The combination of simulated 
annealing followed by MCMC sampling avoids becoming stranded in 
local minima. We used the thermodynamic data, including the treat-
ment of H2 solubility, described in detail in ref. 20, with the exception 
that we replaced the free energy of reaction for reaction (2) with that 
given by ref. 57. The use of free energies for the reactions permits appli-
cation of self-consistent free energies of formation for the various  
species in our reaction network, and supplants distribution coefficients 
for partitioning of elements between phases that are not necessarily 
internally consistent.

Embryo primary atmospheres
Extended Data Fig. 1 shows the relationship between the mass of plan-
etary embryos, their surface temperatures, and the potential coex-
istence of a surface magma ocean and H2-rich primary atmospheres 
following ref. 19. The boundary between solid and liquid silicate at the 
condensed surface is taken to be 1,500 K in the figure. Mars is shown 
to be sufficiently massive to have had a primary atmosphere, but not 
massive enough to have this atmosphere in coexistence with a surface 
magma ocean. The crossing of the two blue lines in the figure defines 
the minimum mass for an embryo to have simultaneously a primary 
H2-rich atmosphere and a surface magma ocean.

Silicon in metal
Extended Data Fig. 2 shows our results for the weight per cent of Si 
in metal as a function of core–mantle equilibration temperature and 
initial mass fraction of the H2-rich primary atmosphere. This figure is 
comparable to the panels shown in Fig. 1.

Sensitivity tests
We examined the effects of the assumption of ideal mixing between 
H2O and silicate and between H2 and silicate on our results. We also 
evaluated the effects of non-ideal mixing of H in the Fe metal alloy 
phase. Our fiducial model recalculated to include all of these potential 
non-ideal mixing behaviours is shown in Supplementary Table 4 and can 
be compared directly with the results given in Supplementary Table 1. 
Details of the non-ideal mixing models are provided in this section.

A previous study64 reported complete miscibility between H2O and 
MgSiO3 at temperatures down to 4,500 K at 40 GPa, and at higher tem-
peratures at higher pressures. Extrapolation to the approximately 
100-bar surface pressures in our models suggests a consolute tem-
perature, Tc, of about 4,000 K by analogy with supercritical silicate 

liquid and vapour65. Assuming a symmetrical (regular) mixing model 
based on this observation, an activity coefficient for H2O in melt  
can be obtained from γ x W RTln = (1 − ) /( )H O

silicate
H O
silicate 2

2 2
, where the inter

action parameter W is given by W = 2RTc and Tc is the temperature at 
the crest of the silicate–H2 solvus. The interaction parameter W for 
Tc = 4,000 K is 66,512 J mol−1.

The activity–composition relationship for H2 in silicate melt is not 
well characterized. However, we can speculate that non-ideal mixing 
could be evidenced by complete miscibility between H2 vapour and 
silicate melt at sufficiently high temperatures. This speculation is sup-
ported by as-yet-unpublished ab initio calculations at University of 
California, Los Angeles. On the basis of these preliminary calculations, 
we consider a value for the consolute temperature of 4,500 K for pres-
sures of interest, leading to W = 74,829 J mol−1.

For H in the liquid Fe alloy we used ϵ interaction parameters. The ϵ 
notation for interaction parameters is commonly used for alloys, rep-
resenting a Taylor series expansion for the log of the activity coefficient 
of interest. In the case of a dilute solute i interaction with species j we 
can relate ϵi

j to binary interaction parameters W using ϵ W RT= −2 /( )i
j . 

A previous study66 found values for ϵH
Si in liquid Fe of 3.5 (a ternary inter-

action parameter) and ref. 67 reports that ϵH
O  is similar to ϵH

Si. We therefore 
applied a pseudo-ternary mixing model for H in molten Fe alloy, fol-
lowing ref. 68, such that
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where xH is the mole fraction of H in the metal alloy and x′Si is the sum 
of the mole fractions of Si and O in the metal.

The overall effect of the three non-ideal mixing solution models 
described here for H2 and H2O in silicate and H in Fe metal alloy is a 
change in the H2O/H2 ratio in the silicate melt and a doubling of the 
mass fraction of the atmosphere with no significant change in the H2O 
concentration in the atmosphere (Supplementary Table 4). The den-
sity deficit in the metal core changes from 8.0% to 8.2%, a change that 
would be easily accommodated in our models by slight adjustments 
to the initial mass fraction of the primary atmosphere. The oxygen 
fugacity of the mantle is essentially unchanged. We find, therefore, 
that the effect of inclusion of non-ideal mixing of H2O and H2 in silicate 
melt, and non-ideal mixing of H in Fe alloy, is to increase the efficacy 
of water production with little change to the other salient features of 
our results. The reason for the robust nature of our solution is that the 
concentrations of H2O and H2 in the silicate are able to compensate for 
the changes in thermodynamic activities by virtue of the lever-rule 
effect; most H exists in the metal phase with the remainder partitioned 
between the atmosphere, as H2O, and the silicate melt. The changes 
in silicate H2O and H2 concentrations are due primarily to the activity 
coefficients for these species, with non-ideal mixing of H in the metal 
having negligible impact on the results.

As an additional sensitivity test, we considered the effects of altering 
the precise values for H partitioning between silicate and metal. We do 
this because although the free energies of formation of H2 in silicate 
and H in metal were derived in a self-consistent manner, as described 
below, these values are associated with unknown uncertainties. For 
this purpose, we reran our calculations with the logarithm of the equi-
librium constant for reaction (5), K G RTln = −Δ ˆ /( )eq,R5 rxn,R5

o
, multiplied 

by factors of 1.5 and 0.5, respectively.
The standard-state free energy of reaction (5)20 used here is obtained 

from G G GΔ ˆ = Δ ˆ − 2Δ ˆrxn,R5
o

H
o,silicate

H
o,metal

2
, where GΔ ˆH

o,silicate

2
 at T and 1 bar 

was obtained from the free energy of the reaction H2,gas = H2,melt after 
ref. 69, and GΔ ˆH

o

2
 for gas from the National Institute of Standards and 

Technology (NIST). The GΔ ˆH
o

 for metal was obtained from the reaction 
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Fe + H2Omelt = FeO + 2H by regression of ln Keq versus 1/T reported by 
ref. 70 (Okuchi97), yielding G TΔ ˆ = 143, 589.7 − 69.1rxn,Okuchi97

o
 ( J mol−1), 

GΔ ˆH O
o

2
 for silicate melt using the solubility data of ref. 71 for the reaction 

H2Ogas = H2Omelt (ref. 20), and the standard-state free energies of forma-
tion for H2O gas, liquid FeO and Fe from NIST. From these values, 

G G G G GΔ ˆ = 1/2(Δ ˆ − Δ ˆ + Δ ˆ + Δ ˆ )H
o,metal

rxn,Okuchi97
o

FeO
o

Fe
o

H O
o,silicate

2
.

Our results with these changes in the logarithm of the equilibrium 
constant describing partitioning of H between silicate and metal are 
negligible, with the largest change being a decrease in the mass of  
the atmosphere in the case of increasing GΔ ˆrxn,R5

o
 by 1.5. In the latter 

case, the result in Supplementary Table 4 is modified by lowering the 
pressure of the atmosphere at the magma ocean surface from about 
300 bar to about 200 bar with no change in the H2O-rich composition 
of the atmosphere and no change in the density deficit of the metal 
core. In the case of decreasing GΔ ˆrxn,R5

o
 by a factor of two, the results 

were virtually unchanged. These results can also be understood as the 
manifestation of the lever rule in which the large amount of H in the 
metal phase relative to the total mass of H in the other reservoirs dom-
inates the behaviour. To see this, we can describe the activity of H in 
metal, aH, as a product of the equilibrium constants for reactions (5) 
and (15), arriving at the expression a K K f=H eq,R5 eq,R15 H2

 where fH2
 is 

the fugacity of H2 in the atmosphere. In the case of the embryos, the 
activity of H in the metal alloy exerts influence over the partial pressure 
(fugacity) of H2 in the atmosphere due to the high mass of H2 relative to 
that in the atmosphere.

Pressure versus radius for embryos
The pressure versus radius relationships described in the text are 
presented in Extended Data Fig. 3. The pressure–radius relations are 
obtained by solving for the mass, m(r), contained within a given radius, 
r (ref. 36)

m r
r

r ρ r
d ( )

d
= 4π ( ) (28)2

together with the requirement for hydrostatic equilibrium

P r
r

Gm r ρ r
r

d ( )
d

= −
( ) ( )

, (29)2

where

P r f ρ r T r( ) = ( ( ), ( )), (30)

and f represents the appropriate EOS. P(r), ρ(r) and T(r) are the radially 
dependent pressure, density and temperature of the body, respectively, 
and G is the gravitational constant.

We integrate equations (28) and (29) from the embryo’s centre, using 
the inner boundary condition m(0) = 0 and P(0) = Pcentre. The outer 
boundary condition is given by P(Rp) = 0. We switch from one EOS to the 
other while maintaining continuity in pressure across the core–mantle 
boundary. The embryo mass, Mp and radius, Rp, are uniquely deter-
mined by P(0) = Pcentre and P(Rp) = 0 for the Earth-like mass fractions  
for the metal core used in our models.

Extrapolation of the data of ref. 38 yields an uncompressed density for 
liquid Fe metal, ρ0, of 7.2 ± 0.1 g cm−3. We used this uncompressed den-
sity for liquid Fe with a Vinet EOS36,37. For the silicate we use the enstatite 
(MgSiO3) third-order Birch–Murnaghan EOS of ref. 72 described by  
ref. 36 as a proxy for silicate melt.

Adiabatic temperature gradients for the embryo mantles were  
calculated using









T
r

αgT
c

d
d

= (31)
S P

where α is the expansivity for MgSiO3, cP is the isobaric specific heat 
for the melt and g is the gravitational acceleration. We used α = 2.69 ×  
10−5 + 2.13 × 10−8 (T − 300) from ref. 73 with a pressure correction factor 
of 1.04 for the mantle as a whole. Temperature-dependent cP for liquid 
MgSiO3 was obtained from the NIST thermodynamic database.  
Numerical integrations with r yield a general relationship between 
potential temperature and core–mantle temperature such that 
T T/ ≈ 0.78Θ core−mantle .

Isotope fractionation
We investigated the implications of our model for Fe, Si and H stable 
isotope ratios, as these ratios are often used to constrain the differen-
tiation history of Earth74,75 and the origin of Earth’s water76.

We find that the embryo partitioning model explains the offset in 
57Fe/54Fe (expressed as δ57Fe in per mil (‰) between chondrites of all 
varieties and the bulk silicate Earth. Recent estimates suggest that bulk 
silicate Earth has a δ57Fe = 0.05 ± 0.01 value relative to chondrites77. This 
offset between Earth and its presumed starting materials is reproduced 
by our model shift in bulk silicate δ57Fe of 0.057‰ relative to the bulk 
starting material (Extended Data Fig. 4).

We used the prescription for 57Fe/54Fe fractionation as a function of 
temperature and pressure determined experimentally by ref. 78. The 
reduced partition function ratio, β, for the silicate is given by

β
P
T

10 ln( ) =
4,281.4(4.65 (GPa) + 150.4)

. (32)3
Fe−silicate 2

The value for FeH alloy is taken to be

β
P
T

10 ln( ) =
4,281.4(2.597 (GPa) + 119.017)

. (33)3
FeH 2

The fractionation factor, expressed as 103ln(αsilicate–FeH) ≈ δ57Fesilicate −  
δ57FeFeH is then

α β β10 ln( ) = 10 ln( ) − 10 ln( ). (34)3
silicate−FeH

3
Fe−silicate

3
FeH

We used the FeH alloy for the entire metal as the mole fractions of H 
in our Fe metal phases are high (about 0.27), and the effect of different 
Fe/H ratios on the fractionation factors are not yet understood.

To evaluate the Si isotope effects, we used the 30Si/28Si fractiona-
tion determined both by experiments and by analysis of equilibrated 
aubrites75, yielding

α
T

10 ln( ) =
7.64 × 10

. (35)3
silicate−metal

6

2

Similar to the Fe isotope effects described in the main text, our model 
predicts that the 30Si/28Si ratio of the bulk silicates (expressed as δ30Si) 
should be greater than the source material by 0.06‰. This offset is 
smaller than the observed difference between Earth and many chon-
drites of about 0.2‰ (ref. 79) and is much smaller than the difference 
between Earth and E chondrites80, despite the similarity between Earth 
and E chondrites in virtually every other isotope system. Our results 
do not alleviate some of the vexing aspects of Si isotope variability in 
the Solar System. In general, the apparently anomalous Si isotopic 
composition of E chondrites may be related to the apparent excess in 
Si in these rocks (about 20% atomic) compared with solar refractory 
metal abundances.

The deuterium/hydrogen (D/H) of the Sun (D/H = 2.0 × 10−5), and 
thus the protosolar gas, expressed as δD relative to ocean water 
(D/H = 1.558 × 10−4), is about −865‰ (ref. 81). Recent estimates for the 
bulk D/H ratio of Earth’s H yield a value for δD relative to ocean water 
of −218‰ (ref. 76). It is conventional to ascribe the origin of Earth’s 
water to late addition of small bodies, asteroids or comets, because 



virtually all sources of D/H in the Solar System other than protosolar 
gas, including comets82,83, chondrite meteorites84 and water in icy 
moons85, have δD ≥ 0, and often much greater than 0 (Extended Data 
Fig. 5). Calculations based on mixing of asteroids and/or comets with 
a solar gas based on D/H ratios suggest that there may be a solar-gas 
component comprising roughly 25% to 40% of H deep within the Earth, 
depending on whether the non-solar component is chondrite-like or 
comet-like. For comparison, 20Ne/22Ne data suggest Earth acquired 
about two-thirds of its neon from the solar gas and the remaining 
one-third from E chondrite-like material26.

In general, any reactions between H2 and H2O, either at equilibrium or 
kinetically controlled through reactive intermediates, result in D/H of 
H2O being greater than that of H2, so the use of D/H as a tracer involves 
numerous degeneracies. At room temperature and below, the kinetic 
or equilibrium preferential transfer of D to H2O from solar-like H2 will 
result in D/H in H2O comparable to or greater than those observed in 
Solar System H2O. Therefore, it is likely that a variety of different pro-
cesses were at work to cause the generally high D/H of H2O in the Solar  
System.

Motivated by the model presented here, we consider the possibility 
that the high D/H of Earth’s H2O and deep interior could be the residual 
effect of low-temperature exchange of D and H between H2O and H2 
in embryo atmospheres, and the sequestration of large fractions of 
H in the metallic cores. The convecting silicate magma oceans would 
serve as the conveyor linking the atmospheres and metal cores in this 
context. Hydrogen isotope exchange between radical derivatives of H2 
gas and water at temperatures similar to the equilibrium temperature 
at the top of an embryo atmosphere at about 1 au (255 K present day, 
237 K accounting for a fainter Sun 4.6 Gyr before present86) will result in 
high D/H in the atmosphere87 if there is a balancing sink for the low-D/H 
complement of H. In the model of ref. 87, higher D/H in atmospheric H2O 
is balanced by slow (over billion-year timescales) hydrodynamic escape 
of isotopically light H88. Another study27 also advanced the idea that the 
high D/H of Earth’s H2O was due to hydrodynamic escape, in this case as  
H rather than H2. In our model, the requisite low-D/H sinks for H that 
balance the high D/H of terrestrial water are the metal cores; H isotope 
equilibration between embryo metal cores, silicate mantles and atmos-
pheres results in a high-D/H atmospheres and low-D/H metal cores.

This explanation relies on a faster rate of isotope exchange high in 
the atmosphere where temperatures are low (<300 K) than exchange 
at high temperatures near the surface of the magma ocean. A detailed 
atmospheric model is beyond the scope of the present study, but we 
note that D/H exchange is expected to be orders of magnitude faster in 
the upper atmosphere where kinetics mediated by radicals result from 
low densities and photochemistry compared with exchange between 
H2O and H2 molecules at high temperatures and densities. For exam-
ple, the forward rate constant for the reaction HD + OH → HDO + H 
at a temperature of 237 K (representing the 1-au equilibrium tem-
perature for the stratosphere of an embryo 4.5 Gyr before present) is 
1.9 × 10−15 cm3 s−1 (ref. 89). This reaction represents transfer of D from H 
to OH, and ultimately H2O, in embryo stratospheres. The rate constant 
for the reaction H2 + HDO → HD + H2O is 1.4 × 10−23 cm3 s−1 at 1,973 K, the 
latter temperature being an altitude-averaged temperature for the 
adiabatic tropospheres of atmospheres implied by our models. This 
represents return of D from H2O to H in the tropospheres. Although the 
details rely on a number of uncertain parameters, including ratios of 
e-folding times for exchange and residence times in the various reser-
voirs, it is unlikely that this disparity in rate constants can be overcome 
by the relative masses of H2O and H2 in the embryo stratospheres and 
tropospheres (for reference, Earth’s ratio of moles in the stratosphere 
to moles in the troposphere is 0.1)90. Vigorous mixing of H2O and H 
between the stratosphere and troposphere should therefore result 
in D/H isotope fractionation dominated by the lower temperatures. 
The turnover time for Earth’s stratosphere is about 2.5 years due to 
transfer back and forth between the stratosphere and troposphere90. 

We speculate that it is likely that H2 and the underlying magma oceans 
could have reached isotopic equilibrium during the earliest phases of 
dissolving molecular hydrogen into the melts91.

As a plausibility exercise based on the reasoning described above, 
we calculated the relative abundances of the deuterated species in the 
stratospheres and tropospheres from the surface densities (column 
densities) of an adiabatic troposphere at the surface of the magma 
ocean and the surface density of the stratosphere as measured at the 
tropopause using a simplified atmosphere22. The mixing ratio of H2O 
was taken to be 0.8 with the remainder of the atmosphere being H2. 
The temperature at the base of the troposphere was taken to be the 
potential temperature of the magma oceans in our model (2,350 K), 
the height of the tropopause was assumed to be where the temperature 
reaches the equilibrium temperature and the stratosphere was taken 
to be isothermal, extending five surface-scale heights. From this, we 
obtain a ratio of moles of HD in the stratosphere to moles of HDO in 
the troposphere, NHD/NHDO, of 3 × 10−4. Converting the rate constants for 
the two reactions described above to k(mol−1 yr−1) using k(cm3 s−1)L/V, 
where L is Avogadro’s number and V are the similar volumes of each of 
the two reservoirs, one obtains rate constants of 4.3 × 10−10 mol−1 yr−1 for 
HD + OH → HDO + H at a temperature of 237 K and 1.1 × 10−18 mol−1 yr−1 
for H2 + HDO → HD + H2O at 1,973 K. From these values, one obtains a 
time constant for D/H exchange in the stratosphere of 5 × 10−7 yr for 
an OH/H2O ratio of about 10−4 and a time constant for D/H exchange 
in the troposphere of 1 × 10−4 yr. Smaller concentrations of OH result 
in proportionally larger time constants in the stratosphere; equal time 
constants for exchange in the stratosphere and troposphere would 
require OH/H2O ratios of about 10−7.

We take the shorter time constant for D/H exchange in the strato-
sphere relative to the troposphere to mean that a low-temperature 
for H2O–H2 D/H exchange in the atmosphere on average is plausible. 
Equilibrium D/H exchange between H2O and H2 has been inferred 
for the Martian atmosphere at similar temperatures of about 200 K 
(ref. 92). We note for comparison that various terrestrial analogues 
exist for isotopic anomalies formed in the stratosphere to persist 
in the troposphere, including in the cases of oxygen and nitrogen  
isotopologues93,94.

Here we adopted a low temperature of exchange between atmos-
pheric H2O and H2 and calculated the equilibrium δD values associated 
with our model relative to the primordial hydrogen atmospheres of 
embryos. Our calculations assume H isotopic equilibrium between 
atmospheres, magma oceans and molten metal cores. We obtained  
δD values for atmospheric H2, atmospheric H2O, H in silicate melt and 
H in metal at equilibrium by solving the H isotope mass-balance equa-
tion δD(bulk) = ∑ixH,i δDi, where xH,i refers to the H fraction for each 
phase i, together with the equilibrium differences between reservoirs 
i and j of the form δDi − δDj = 103ln(αi−j) for the high-T fractionations, 
and α αδD − δD = 10 ( − 1)H O H O−H H

3
H O−H2 2 2 2 2 2

 for the lower-T, and thus 
much larger, atmospheric H2O and H2 fractionation. We thus have four 
equations for four unknown δD values given three known fractionation 
factors, α, and an assigned value for δD (system) (taken to be 0 for 
reference). The equations to be solved, in matrix form, are
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We used fractionation factors described previously by ref. 75. The 

fractionation factors for D/H, expressed as per mil differences in δD 
values, or 103 ln(α), include the value for silicate and metal (that is, 
δDsilicate − δDmetal):

α
T

10 ln( ) =
4.5 × 10

, (37)3
slicate−metal

8

core−mantle
2

the value for H2O and H2:

α
T

10 ln( ) =
215.8 × 10

, (38)3
H O−H

3

atmosphere
2 2

and the value between silicate and H2 gas based on the difference 
between 103 ln(αsilicate–metal) and the fractionation between H2 and  
metal75:

α
T T

10 ln( ) =
4.5 × 10

−
3.261 × 10

. (39)3
silicate−H

8

surface
2

8

surface
22

Each equilibrium is specified to occur at the core–mantle boundary, 
in the atmosphere or at the atmosphere–magma ocean interface at the 
specified temperatures of 3,000 K, 237 K and 2,350 K, respectively. The 
results are shown in Extended Data Fig. 5. If the structure of the atmos-
pheres of the embryos was such that D/H exchange in the atmosphere 
was dominated by lower temperatures, the D/H of terrestrial H2O is 
explained by our model. The implied D/H of the primordial atmos-
phere source is similar to that for Uranus and Neptune and greater than  
the solar value (Extended Data Fig. 5), allowing for some late additions 
of H2O to Earth by high-D/H bolides. We emphasize that this model is 
possible because of the metal cores serving as low-D/H reservoirs.

Data availability
Example model results are available as Supplementary tables.

Code availability
The Python code used for the models shown in Fig. 1 in this study is 
available at GitHub: https://github.com/eyoungucla/chems/blob/main/
Exoplanet_atmosphere_model_vMCMC_coreT_3000K_dist.py.
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Extended Data Fig. 1 | Plot of surface temperatures that allow for a gravitationally bound primary H2 atmosphere versus mass of planetary embryos19. The 
region in temperature-mass space where a primary atmosphere is possible is shaded. The approximate solidus for silicate melt is overlain as the horizontal line.
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Extended Data Fig. 2 | Summary of equilibrium calculations for Si in metal 
in embryos with masses of 0.5M⊕ as a function of metal–silicate equilibration 
temperature (Tcore–mantle) and mass fraction of initial primary H2-rich 

atmosphere relative to the planet. Arrow illustrates values for models that 
satisfy the required density deficit in the core but where H is scarce or absent.



Extended Data Fig. 3 | Pressure vs. radius for 0.3M⊕ (left) and 0.5M⊕ (right) embryos. Breaks in slope mark the core–mantle boundaries.
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Extended Data Fig. 4 | Iron isotope ratios of bulk silicate for model embryos 
compared with recent estimates for bulk Earth (grey bar) and chondrites 
showing that the model reproduces the offset between initial materials 
(chondrites, δ57Fe = 0) and Earth. Black filled symbols are for E chondrites 
while white symbols are for all other chondrite groups. The multi-colour contours 

are probability densities for the chondrite δ57Fe values with an average 
indistinguishable from δ57Fe = 0.0. The y axis values are assigned randomly  
to each datum in equal spacings for clarity, with E chondrites confined to the 
lower quarter of the ordinate.



Extended Data Fig. 5 | Summary of D/H ratios for Solar System materials 
from a variety of literature sources. The circle + symbol labelled E denotes 
bulk Earth76. Black/white symbol labelled M refers to lunar highland apatites95. 
Blue symbols refer to calculated values for original water based on measured 

asteroidal rock values84. U, N, J, and S refer to Uranus, Neptune, Jupiter, and 
Saturn, respectively96,97. Model values for Earth’s water, primordial hydrogen 
atmosphere, and metal described here are indicated within the grey box, where 
the model is assigned the terrestrial value.
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